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Abstract

Improving understanding of how carbon is cycled through the ocean is crucial for
predicting, mitigating, and adapting to climate change. This thesis explores how hor-
izontal and vertical currents at different scales impact biogeochemical cycling through
the redistribution of tracers such as alkalinity, nutrients, and carbon. Starting at the
large scale in Chapter 2, we use a mesoscale-permitting global ocean model to in-
vestigate ocean alkalinity enhancement as a negative emissions technology. We find
that local ocean dynamics are crucial for determining optimal alkalinity addition lo-
cations that maximize carbon removal, while minimizing adverse ecological impacts.
Among the best locations identified are coastal upwelling systems, which are also
regions of high primary productivity due to the large influx of nutrients to the sur-
face. We take a closer look at coastal upwelling systems in Chapter 3 to identify
the dynamics that impact source waters of steady-state upwelling at a regional scale,
and we propose a scaling relation in which wind stress and stratification sets the up-
welling source depth. Looking more closely at an upwelling front in a high-resolution
submesoscale-permitting model, we see enhanced vertical velocities that reach O(100
m d~!). These submesoscale vertical velocities can enhance vertical transport, but
they are very difficult to measure. In Chapter 4, we demonstrate the possibility of di-
agnosing the 3D submesoscale vertical velocity field from remotely-observable surface
ocean observations with machine learning, which motivates future satellite missions
for high-resolution remote-sensing of the surface ocean. Finally in Chapter 5, we eval-
uate the importance of resolving smaller scale submesoscale dynamics on the vertical
transport of nutrient and phytoplankton carbon biomass in upwelling systems.
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Chapter 1
Introduction

It can be difficult for many people (even oceanographers), as mostly land-dwellers, to
fully appreciate the vastness of the ocean and the out-sized role it plays in our lives.
Just looking at carbon storage capacity alone, the ocean contains ~50 times more
carbon than the atmosphere and over 10 times more carbon than in all the plants
and soils on land (Friedlingstein et al. 2022). One of the many services we have to
thank the ocean for is regulating atmospheric COs concentrations, the leading cause
of anthropogenic (human-caused) climate change. The ocean takes up about 30% of
human-made CO, emissions through fossil fuel burning and land-use change (Fig. 1-
1, Friedlingstein et al. (2022)), which is a tremendous help in slowing down global
warming, but also comes at the cost of global ocean acidification (Sabine et al. 2004;
Gruber et al. 2019). Unfortunately this help is not nearly enough, and we as a society
need to rapidly decarbonize and achieve net negative emissions on the order of a few
gigatonnes of carbon per year by 2050 to meet the Paris Agreement’s ambitious goal
of limiting warming to < 2 °C by 2100 (IPCC 2021). Given the ocean’s impressive
storage capacity and the urgency of our climate crisis, there are increasingly more
proposed ocean-based negative emissions technologies (NETs) that aim to speed up
and enhance oceanic uptake of CO, (National Academies of Sciences and Medicine
2021). However, with all NETs, we need to ensure that we are not doing more harm
than good. This is a nontrivial task, as we are still trying to quantify and understand
the natural ocean carbon cycle, a complex system in which physics, chemistry, and
biology are intimately intertwined.

This dissertation primarily focuses on the physical transport of biogeochemical

17



The global carbon cycle
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Figure 1-1: Schematic of the global carbon cycle. Bold arrows at the top indicate
perturbations caused by anthropogenic activities globally averaged from 2011-2020,
while thin arrows indicate fluxes and stocks of the natural carbon cycle. Numbers are
all from Canadell et al. (2022), with the exception of carbon stocks in coasts which
is from (Price and Warren, 2016). Figure is from Friedlingstein et al. (2022).

tracers that make up the carbon cycle, such as alkalinity, nutrients, dissolved in-
organic carbon, and particulate and dissolved organic carbon. The remainder of
this introductory chapter provides context for the rest of the thesis by providing an
overview of the oceanic carbon cycle, ocean-based negative emissions technologies,

and the role of vertical and horizontal transport at different scales.

1.1 The oceanic carbon cycle

The exchange of CO, across the air-sea interface depends on the difference in partial
pressures of COy (pCOs) between the atmosphere and ocean. If the pCOs is higher in
the atmosphere than in the ocean, then CO, will dissolve into the ocean. Dissolved

COz(aq) in seawater undergoes a series of chemical reactions that together make up

18



the carbonate system, described by the equation (Zeebe and Wolf-Gladrow 2001):

COs ) 7= COypq) + H,0 = H' + HCO,~ .

—— 2H" 4 00,2 '
Dissolved COg(aq) reacts with water to form carbonic acid, which is a weak acid that
quickly dissociates into a proton (H*) and biocarbonate ion (HCO3 ). Bicarbonate
further dissociates into another proton and the carbonate ion (CO3 ). Carbon is
stored in these different dissolved forms (dissolved COs, bicarbonate, and carbonate),
which together is coined “DIC” for “dissolved inorganic carbon.” DIC is the largest
pool of oceanic carbon (Fig. 1-1), with higher concentrations at depth, and about
99% of DIC is in the form of bicarbonate and carbonate, due to the large amount of
alkalinity in the ocean.

Only the surface ocean, defined as above the thermocline, is in contact with and
can equilibrate with the atmosphere. A variety of processes transport carbon from
the surface to the deep ocean below the mixed layer to maintain the vertical DIC
gradient (low DIC at the surface, high DIC at depth). Depending on the depth of
carbon sequestration, the deep ocean can be out of contact from the atmosphere
for 100s to 1000s of years (Siegel et al. 2021), making it a potentially long term
storage solution on human timescales. Broadly speaking, there are two ways carbon
is transported from the surface to deep ocean: the solubility pump, and the biological
carbon pump (BCP), which were first identified by Volk and Hoffert (1985). The
solubility pump is based purely on chemistry and physics; its premise is that CO; is
more soluble in cold water, and cold water is denser and tends to sink to the deep
ocean. The Biological Carbon Pump, as the name implies, refers to the transport of
organic carbon stemming from phytoplankton production (Fig. 1-2). Phytoplankton
are microscopic photosynthesizing organisms that make up half of primary production
on Earth and form the base of the marine food web. Using sunlight and nutrients,
phytoplankton fix inorganic dissolved carbon into organic carbon stored in their cells.

This organic carbon can then become part of other organisms that eat phytoplankton,
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and the majority of this organic carbon stays in the upper ocean where it is recycled
through the microbial loop. A small fraction of the organic carbon is transported to
the deep ocean where it is remineralized back to DIC at depth. These various export
pathways include (Boyd et al. 2019): gravitational sinking of organic particles such
as dead phytoplankton and zooplankton fecal pellets (Sarmiento and Gruber 2006);
vertical migration by zooplankton and fish that consume organic matter at the surface
at night, and respire the carbon at depth during the day (Steinberg and Landry 2017;
Archibald et al. 2019); and physical transport mechanisms including seasonal mixed
layer shoaling (Dall’Olmo et al. 2016), large-scale (100-1000 km) physical circulation
(Lévy et al. 2013), and subduction driven by mesoscale (10-100 km) and submesoscale

(1-10 km) eddies (Lévy et al. 2013; Omand et al. 2015).

BIOLOGICAL CARBON PUMP

Microbes

Twilight zone R - 100 years

1000 years

Figure 1-2: Simplified schematic of the biological carbon pump, showing ocean uptake
of atmospheric CO,, phytoplankton growth in the upper sunlit zone, and carbon
export to depth. Ocean upwelling eventually brings sequestered carbon back to the
surface at different timescales. Figure is from the NASEM Report (2021) and created
by Natalie Renier, Woods Hole Oceanographic Institution.

The biological carbon pump is responsible for about 2/3 of the DIC gradient
between the surface and deep ocean, while the solubility pump is responsible for the
remaining 1/3 (Sarmiento and Gruber 2006). Due to difficulties in measuring carbon
fluxes across the entire ocean, model uncertainty, and challenges in resolving all the
different pathways from observations and models, there are large uncertainties in the

total export rate of the BCP as well as the relative importance of different pathways
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(Boyd et al. 2019; Nowicki et al. 2022). Improving our ability to quantify the BCP
will be key for better understanding the natural ocean carbon cycle, and how it might

change in a warming planet and under different potential NETs.

1.1.1 Ocean-based negative emission technologies

Marine NETs attempt to manipulate some part of the natural carbon cycle to enhance
ocean uptake of atmospheric CO,. The most well-studied NET is iron fertilization,
which seeks to increases photosynthesis by phytoplankton, leading to more air-sea
draw-down of CO,, and ideally increased export of organic carbon to depth (National
Academies of Sciences and Medicine 2021). The idea of artificial iron fertilization
was spurred by Martin (1990)’s hypothesis that natural iron fertilization of the ocean
from dust was responsible for the low atmospheric CO, levels of the Last Glacial
Maximum about 20,000 years ago. This paper prompted a number of experiments,
which demonstrated that iron fertilization does indeed lead to enhanced phytoplank-
ton blooms and COs uptake in high nutrient low chlorophyll (HNLC) waters where
phytoplankton are limited by iron (De Baar et al. 2005; Boyd et al. 2007; Yoon et al.
2018). But, it is unclear how much increase in export is achieved, and how long the
carbon is sequestered for. These questions relate back to the difficulty of measuring
and quantifying the BCP, which is crucial for verifying carbon dioxide removal (CDR)
projects. In addition, iron fertilization provides a cautionary tale of the need for reg-
ulation in the CDR space, as some private rogue actors sought to take advantage
and profit off of a method that was not well proven yet (Fountain 2012), leading to
potential unintended consequences and widespread public disapproval.

Another CDR method that was first proposed by Kheshgi (1995) and is gaining
popularity in recent years is ocean alkalinity enhancement (OAE), which aims to
manipulate the inorganic carbonate system in Eqn. 1.1. The idea is that by adding
alkalinity—defined as a proton acceptor, such as OH™ (pure alkalinity) or a min-
eral like limestone (CaCOj3) that increases alkalinity when dissolved—to the surface
ocean, we shift the equilibrium in Eqn. 1.1 to the right towards more bicarbonate

and carbonate, and lowering the concentration of dissolved CO; in the ocean. This
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increases ocean uptake of COs from the atmosphere. The removed carbon is stored
as DIC, which has a residence time of ~100,000 years, making it an effectively perma-
nent storage solution on human timescales (Renforth and Henderson 2017). Modeling
studies have demonstrated that OAE has the potential to uptake and store nearly
all anthropogenic emissions, but that leads to drastic increases in the ocean pH and
calcite/aragonite saturation state 2 (where {2 < 1 is corrosive to marine organisms
with calcium carbonate shells) with unknown ecological consequences. Another major
concern is that the increase in saturation state would lead to an increase in calcium
carbonate precipitation (the formation of CaCOj particles) which would sink and
remove alkalinity from the surface ocean, counteracting the effect of OAE (Bach
et al. 2019). Early microcosm experiments in the North Atlantic surprisingly showed
no significant increase in biologically produced CaCOj3 even at extreme amounts of
added alkalinity addition of +2000 umol/kg (about doubling the total alkalinity),
but broader studies in different regions are still needed (Subhas et al. 2022). While
OAE is attracting a lot of attention recently, there are still many big uncertainties
and questions regarding its effectiveness, measurement and verification, fate of added
alkalinity in the ocean, and unintended consequences, especially if it is to be deployed

at scale.

1.2 Role of ocean dynamics

All of the processes mentioned above, including the natural carbon cycle and any
human manipulations of it, occur in the context of a moving ocean. Ocean circulation
consists of processes operating at a wide range of temporal and spatial scales, ranging
from the global thermohaline circulation spanning tens of thousands of kilometers, to
turbulence at the molecular scale, and myriad scales in between. Since biogeochemical
tracers (e.g. phytoplankton, DIC, alkalinity, nutrients) are carried along with currents
and can be transported significant distances, taking the background flow field into
account is crucial for understanding biogeochemical cycling.

For instance, the strength of the biological carbon pump is dependent on the phy-
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toplankton growth rate, which is controlled from the bottom-up by light and nutrient
limitation. Light attenuates exponentially in the water column, and photosynthe-
sis can only occur in the upper sunlit zone (Fig. 1-2) or “euphotic zone,” defined as
the depth where light is 1% of its surface value. Nutrients are typically depleted
at the surface ocean due to photosynthesis and have higher concentrations at depth
(Omand and Mahadevan 2015), where they are replenished through bacterial rem-
ineralization. Thus, physical processes that vertically transport nutrients from depth
into the euphotic zone can lead to enhanced primary production. On the other hand,
downwelling of phytoplankton out of the euphotic zone prevents further photosyn-
thesis, but would enhance carbon export depending on how deep the phytoplankton
are subducted. Vertical transport is also generally important because of the large
vertical gradient in many other properties, such as DIC, alkalinity, and organic car-
bon, and vertical advection can help to subduct carbon or bring it in contact with
the atmosphere.

Vertical transport also relates to the BCP through the concept of “new produc-
tion,” which was first defined by Dugdale and Goering (1967) as the primary pro-

b

duction supported by inorganic “new” sources of nutrients, such as nitrate, into the
euphotic zone. Nitrate is predominantly supplied to the euphotic zone through up-
welling and diffusion, with secondary sources of nitrate stemming from river and
sewage runoff, as well as from the atmosphere and through nitrogen fixation (Dug-
dale and Goering 1967). In contrast, primary production that uses “old” or recycled
nutrients that were already in the euphotic zone, such as ammonium NH} from bacte-
rial remineralization, is termed “regenerated production.” In order for phytoplankton
to maintain its population at steady state, globally new production must equal the
carbon export due to the BCP (Dugdale and Goering 1967; Eppley and Peterson
1979). A simplified schematic of this nutrient cycling in the upper ocean is shown
in Fig. 1-3. In sum, the vertical transport of nutrients promotes primary production
and specifically new production, which can be an indicator of the strength of the

biological carbon pump.
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Figure 1-3: Simplified schematic of nutrient cycling in the upper ocean. Here, nitrate
N is supplied to the euphotic zone through upwelling, and it supports new produc-
tion. Phytoplankton die naturally or are consumed through predation and are then
remineralized into ammonium or old nutrients O, which supports regenerated pro-
duction. Ammonium is further remineralized into nitrate. In addition, there is an
export of organic matter through the sinking of phytoplankton or zooplankton fecal
pellets. In steady state, new production balances export production.

1.2.1 Coastal upwelling

Some of the most biologically productive parts of the ocean, resulting from intense
vertical transport of nutrients to the surface, are coastal upwelling regions (Fig. 1-5).
It is estimated that coastal upwelling regions make up less than 2% of the ocean’s
surface area, yet they account for about 11% of the world’s oceanic primary produc-
tion (Chavez and Toggweiler 1995), and the primary productivity in them supports
about 20% of global fish catches (Pauly and Christensen 1995). Depending on the
location, coastal upwelling regions may sequester copious amounts of CO, into the
ocean via the BCP (Hales et al. 2005), or they could outgas CO, to the atmosphere
through the upwelling high DIC waters (Friederich et al. 2008; Torres et al. 2002).
Coastal upwelling is driven by winds blowing parallel to a coast. At steady state,
the dominant momentum balance in the surface frictional boundary layer is between

rotation and friction. The resulting surface ocean velocity is not in the same direc-
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Figure 1-4: Coastal upwelling schematic, from Bakun (1973).

tion of the wind, but 45° to the right (left) of the wind in the Northern (Southern)
Hemisphere, and the ocean velocity rotates with depth in the surface boundary layer
(Ekman 1905). The depth integrated transport in the boundary layer (also known
as the Ekman layer) is given by 7/pf, where 7 is the wind stress, p is the seawater
density, and f is the Coriolis parameter. This depth-integrated transport is referred
to as “Ekman transport.” When this theory is applied to equatorward winds blowing
parallel to eastern boundaries, also known as Eastern Boundary Upwelling Systems
(EBUS) (Fig. 1-ba), the Ekman transport is directed offshore and is balanced by
upwelling from depth (Fig. 1-4). The upwelling rate is equal to the offshore Ekman
transport because of continuity, and this coastal upwelling occurs largely within a
Rossby radius of the coast.

Ekman transport theory has been broadly applied to quantify upwelling strength
based on the magnitude of the alongshore wind stress (e.g., Huyer 1983; Bakun 1990;
Sydeman et al. 2014). Coastal upwelling is extensively well-studied in the literature,
and there have been many expansions of Ekman theory to take into account the cross-
shore structure of the wind and wind-stress curl driven upwelling, and the influence
of onshore geostrophic currents (Estrade et al. 2008; Marchesiello and Estrade 2010;
Rossi et al. 2013; Jacox et al. 2018). Ekman transport alone is not always a good
indicator of nutrient upwelling and new production though, because that relies on

not just the upwelling strength, but also the nitrate concentration of upwelled source
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waters (Jacox et al. 2018). Furthermore, mixing of upwelled waters with surface
waters is important for allowing phytoplankton growth, because if we adiabatically
upwell water deplete of phytoplankton, then the surface phytoplankton is advected
offshore and cannot access the nutrients. What sets the upwelling source depth, how
might we expect it to change in a warming climate, and what impacts does that
have on quantifying the upwelling nutrient flux and new production, are some of the

motivating questions for Chapters 3 and 5.
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Figure 1-5: Example of chlorophyll variability across different spatial scales. a) On a
global scale, climatological chlorophyll-a concentrations are low in oligotrophic sub-
tropical gyres and enhanced in coastal upwelling regions (highlighted in boxes), as
well as in the Southern Ocean and the North Atlantic. Chlorophyll data is from
NASA SEAWIFS climatology. b) Zoom into the Benguela Upwelling System of the
coast of Southwest Africa, ocean color image is from Aqua/MODIS on Sep. 2, 2017.
¢) Zooming in to a 100 km by 100 km patch in the Benguela Upwelling System reveals
chlorophyll structures on the scale of 1-10 km.

1.2.2 Submesoscale vertical transport

If we look closely at an ocean color image from a coastal upwelling region, such as
the Benguela Upwelling System in Fig. 1-5b, we clearly see the ubiquity of mesoscale
eddies, which have spatial scales on the order of the Rossby deformation radius and

nearly in geostrophic balance (the balance of the pressure gradient force and rota-
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